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The discovery of komatiites, first in South Africa and then in many other Archean greenstone belts,
with MgO concentrations of 20-30% and eruption temperatures of more than ∼ 1600◦C, showed that
some parts of the mantle were hotter in the Archean than they are now. Since their discovery there
have been many speculative proposals as to how such magmas can form. At present melt is produced
by mantle upwelling, because the solidus temperature gradient of the mantle is steeper than that of
isentropic decompression gradient at depths of less than 300 km. In contrast, in the lower half of the
upper mantle the solidus gradient is shallower than the isentropic gradient, and therefore isentropic
upwelling cannot generate melt. At the base of the upper mantle limited melting can occur, either
in the thermal boundary layer at the base of the upper mantle, or in the upper part of the lower
mantle where the solidus gradient is steeper than the isentropic gradient. In both cases melting can
occur at depths of more than 600 km, where Ca perovskite, CaPv, is a stable phase on the solidus.
A surprising feature of the partitioning between melt and solid CaPv is that most trace elements are
compatible in the solid. Partitioning into CaPv can therefore account for the low concentrations of
such elements in komatiites. The temperatures required to generate such magmas in plumes need
be no more than ∼ 50◦C above those of Phanerozoic plumes. The presence of komatiites in the
Archean therefore requires plume temperatures in the first half of the Earth’s history to have been
somewhat hotter than they are now, but does not constrain the average temperature of the Archean
upper mantle.
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INTRODUCTION
Komatiites were erupted in considerable quantities in the first half of the Earth’s history, but were
rarely produced in the second half. The term ‘komatiite’ is used below to mean a magma for which
there is good evidence that it was formed from a liquid that originally had an MgO content of more
than 18% (all such proportions are given in wt.%), and is based on the definition of Arndt & Nisbet
(1982) and Kerr & Arndt (2001), not on that of Le Bas (2000). The existence of such melts in many
Archean greenstone belts and their extreme rarity in the second half of the Earth’s history is the only
generally accepted evidence that there has been any evolution in the geological processes operating
within the Earth. As a result these magmas have generated a great deal of interest. My aim in this
paper is to try to construct a model of komatiite melt generation that is consistent with what is
known about the geological setting of the magmas themselves, the mineral physics and petrology of
the mantle, and the thermodynamics and fluid mechanics of convection when the Prandtl number is
infinite and the Rayleigh number is large (106 − 108). Many parts of the proposals discussed below
are based on very limited knowledge, and some on none at all.
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The MgO content of magmas increases with both temperature and the amount of melting
(Herzberg et al. 2007). If melt is generated by decompression melting, the MgO concentration
remains approximately constant throughout the melting interval, because the increase in melt frac-
tion approximately compensates for the decrease in depth. For MORB melting with a potential
temperature of 1300◦C, decompression melting starts at a depth of about 70 km and the melt has
an MgO content of about 10%, whereas melting in plumes like Hawaii, with potential temperatures
of up to about 1550◦C, melting starts at depths of about 150 km and generates melts with about
18 % MgO (Herzberg et al. 2007). Komatiites, with more than 18% MgO, therefore require higher
potential temperatures, and a greater depth for the onset of melting, than do presently erupting
magmas.
Komatiites were first recognised in the Barberton Greenstone Belt by Viljoen & Viljoen (1969a)
who remarked (1969c p295) that ‘The mantle of the Earth was essentially similar at 3.5 Ga to the
presumed present composition, and the composition of . . . komatiite is a manifestation of . . . partial
melting at a deeper level within the mantle’. The high MgO content of these lavas (of 20-30%)
requires their source regions to have been at temperatures of more than 1800◦C, and led to proposals
that they were formed by hot plumes rising in the mantle (e.g. Herzberg, 1995; Arndt et al., 2008),
based on a comparison with the MgO concentrations in high pressure experiments. However, the
low observed trace element concentrations are not so easily explained. Simple modelling showed that
the concentrations of incompatible immobile trace elements, like the rare earth elements (REE), in
komatiites required their source regions to have melted by about 50% if their source composition was
similar to that of Mid Ocean Ridge Basalts (MORB) (McKenzie & O’Nions, 1991). Such extensive
melting cannot result from melting at constant entropy. Therefore McKenzie & O’Nions remarked
that ‘the process by which . . . komatiites are generated is not yet understood’. More recent attempts
to account for the observed trace element concentrations, by melting a depleted source (Sossi et al.,
2016) or by batch melting (Robin- Popieul et al., 2012) are essentially ad hoc.
Rather than producing a special explanation for komatiites alone, it seemed sensible to start by
examining what melt compositions result from isentropic melting of a material with the composition
of the MORB source at higher temperature, and therefore greater depth, than commonly occurs in
the present convecting mantle. Since isentropic upwelling is now generally believed to be responsible
for melting beneath oceanic ridges and islands like Hawaii, it is somewhat surprising that there
does not appear to have been a detailed study of isentropic melting at depths of more than 600 km
near the base of the upper mantle and the top of the lower mantle. Miller et al. (1991) discussed
komatiite melt generation by upwelling at constant entropy from the base of the upper mantle, but
did not use their results to model the trace element composition of the resulting melts. Perhaps even
more surprising is that the discussion below shows that such deep melting of a peridotite with the
composition of the MORB source can account for the average geochemical composition of komatiites,
and also of some other highly magnesian magmas.
The programs used below to model komatiite melting separate the problem into three parts. The
first is an extension of the program McKenzie & O’Nions (1981) used to construct a melting model
from the modal mineralogies and partition coefficients appropriate for the chosen depth interval in
the mantle and the observed concentrations of trace elements. Its aim is to reproduce the observed
concentrations of a large number of different elements with a single melting model, without impos-
ing any thermodynamic constraints. The second part calculates the melt fraction resulting from
decompression at constant entropy, and the third part deals with entropy changes resulting from
thermal convection. At present dealing with these issues separately is an advantage, because it is
then obvious which parts of the argument are well constrained by existing knowledge and which are
at present uncertain.
The discussion below is based on the concept of entropy. When the motion of material is slow,
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reversible, and no heat is supplied by conduction, entropy is conserved. Except in boundary layers,
entropy is approximately conserved in many convective circulations. In meteorology and oceanog-
raphy motions that conserve entropy are generally described as being ‘adiabatic’. But the term
‘adiabatic’ strictly applies to any process in which no heat is supplied. If work is done on the ma-
terial, for instance to overcome friction or against viscous forces, heat is generated and entropy is
not conserved, even though the process is still adiabatic. The common fluid dynamical use of the
term ‘adiabatic’ should more accurately be described as ‘adiabatic and reversible’. Instead, the term
‘isentropic’ is used below, to describe processes in which entropy is constant (hence the ‘is’). This
distinction is not simply a semantic quibble. The thermodynamics of melt extraction in the section
‘Melt movement’ shows that the temperature of melt may be increased by > 300◦C by viscous heat-
ing as it moves adiabatically from the base of the upper mantle to the surface.
OUTLINE
Our understanding of melt generation beneath spreading ridges was originally based on simple ther-
modynamic models of isentropic upwelling, constrained by careful measurements of major and minor
element concentrations from laboratory experiments (Klein & Langmuir, 1987, McKenzie & Bickle,
1988, Katz et al., 2003). Shortly afterwards the same approach was successfully used to model the
trace element compositions of oceanic basalts (McKenzie & O’Nions, 1991, White et al. 1992). The
obvious way to approach the problem of komatiite melt generation is to extend these ideas to melt-
ing at higher temperature and higher pressure. But doing so is not straightforward, principally for
technical reasons. High pressure (4-35 GPa) experiments are both difficult and expensive. They use
samples with sizes of a few mm, within which the temperature varies by more than 100◦C (Herzberg
et al. 1990). At high pressures the temperature difference between the solidus and liquidus is similar
to the temperature variations within the sample. Therefore it is not yet possible to determine the
melt composition, the detailed phase relations, or the variation of melt fraction with temperature,
within the melting interval. What can be measured are the elemental compositions of the phases
that are present on the solidus and the partition coefficients between melt and these minerals, using
either laser-ablation inductively-coupled mass spectrometry (LA-ICPMS, or LA) or secondary ion
mass spectrometry (SIMS). The aim of this paper is to combine this limited experimental infor-
mation with simple ideas from thermodynamics and fluid dynamics to calculate the trace element
composition of melt that is generated deep within the mantle, and to compare it with those of various
types of magma whose MgO concentrations exceed 18%. Most of the calculations below assume that
the mantle everywhere has the composition of the MORB source. The modal proportions of the
minerals present on the solidus can then be calculated from the mineral compositions, and parti-
tion coefficients used to obtain the trace element composition of melt generated at different depths.
Comparison with that measured in high MgO magmas is the obvious first step in understanding how
such melts can be produced.
Fig. 1 shows where melt is produced by a hot upwelling plume which starts in the lower mantle.
Because of the contrast in viscosity between the upper and lower mantle, the temperature difference
between such plumes and the average mantle temperature at the same depth is about 700◦C, or
about ×3 that of 250◦C plumes in the upper mantle (Herzberg et al. 2007). This large temperature
difference will cause plumes in the lower mantle to melt in regions where the average temperature is
well below the solidus temperature TS. In the lower mantle the gradient of TS is greater than the
isentropic temperature gradient, principally because the density of bridgmanite (Bm, Mg-perovskite)
is about 0.5 Mg m−3 greater than that of the melt, whereas that of majorite (Mj) is little different.
The isentropic decompression path can therefore intersect the solidus at depths below 670 km. But
the difference between the two gradients is not large and the entropy of melting is probably larger
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than that of basaltic melting in the upper mantle. Therefore the amount of melt that will be
generated will only be a few %. As Fig. 1 shows, CaPv is stable below a depth of 600 km (Mao
et al. 1989) whereas bridgmanite breaks down to majorite above 650 km. CaPv has the unusual
property of being compatible to almost all trace elements. Fig. 2(a) shows the behaviour of three
REEs when melt is generated in the garnet peridotite stability field, where the heavy REE are
retained in garnet. Therefore the normalised concentration ratio La/Lu becomes very large when
the melt fraction is small. This effect is often referred to as the ‘garnet signature’. It becomes
extreme in the meimechites discussed in the section ‘komatiite melting’, where the normalised La/Lu
is ∼ 100. In contrast, when the melt fraction is small and the depth is greater than 600 km,
CaPv remains in the residue. This phase then retains the REE, several of which have partition
coefficients greater than 10. This behaviour occurs because the silica octahedra which surround the
Ca2+ ions can rotate to accommodate elements with large ionic radii (Megaw & Darlington, 1975).
Therefore small melt fractions formed below 600 km will have low concentrations of elements such as
La. Low concentrations of trace elements that are normally incompatible is a well-known feature of
komatiites, and is usually believed to result from extensive (> 50%) melting. However, no physical
process is known that could produce such large melt fractions deep in the mantle. In contrast,
detailed modelling of the trace element composition of small (∼ 1 − 2%) melt fractions generated
below 600 km shows that it is similar to that of a number of komatiites.
Though these proposals can account for the composition of komatiites, they do not explain how
the resulting melts can move to the Earth’s surface, or how they can do so without being swamped by
basaltic melts generated by plumes at shallower depths. As Fig. 1 shows, mantle plumes that are hot
enough to undergo small amounts of melting below 670 km will produce much larger amounts of melt
after they rise to depths of less than 300 km. A possible solution to this problem is that the komatiite
magmas that are now preserved came from mantle plumes when the plumes first entered the region
where they produced melt, and before they rose above depths of 300 km. Such an origin would
explain why such magmas often occur at the base of thick sequences of picritic basalts. Fig. 1 shows
that no melt generation occurs in the rising plume between depths of 670 and 300 km, because the
isentropic gradient is steeper than that of the solidus. Komatiitic melt generated below 670 km will
therefore have time to move to the surface in dykes though the solid mantle before upwelling plumes
reach a depth of 300 km. Once plumes rise above this depth they will generate the large volumes of
picritic basalt which dominate Archean volcanism. Dykes near the Earth’s surface propagate over
distances of more than 1000 km (Fahrig & West, 1986) when the temperature difference between the
magma and its wall rock is more than 1000◦C and the pressure difference between the source of the
magma and the end of the dyke is equivalent to about 1 km of rock. Komatiitic melts will therefore
have no difficulty in ascending through 600 km of subsolidus mantle.
The sections below discuss these proposals in detail, and in particular the results of laboratory
experiments on which they are based. ‘Background’ is concerned with the trace element composition
of MORBs, with recent picritic basalts from Iceland, and with Archean ones from Zimbabwe. Though
the approach is the same as that of McKenzie & O’Nions (1991), major improvements have since
taken place in both modelling and measurement. Blundy & Wood’s (1994) approach to calculating
partition coefficients and extensive ICP-MS measurements of trace element compositions now allow
REE concentrations to be used to constrain melt generation processes in more detail than was possible
in 1991. The application of the same approach to komatiite melt generation, on which the rest of
this paper is based, clearly depends on whether it works at shallower depths, where there is much
more information about the processes involved. The next two sections collect the relevant results
from high pressure experiments which are used to calculate the melt compositions. These are then
compared to the observed composition of komatiites. The section following these two is concerned
with fluid dynamics of melt generation as hot mantle plumes rise from an unstable boundary layer
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Figure 1: Isentropic decompression path through the upper part of the lower mantle and the upper
mantle. Ca-perovskite (CaPv)-in (or -out), and similar expressions for other minerals, denotes the
appearance (or disappearance) of the CaPv phase with increasing pressure or melt fraction, depending
on the context. The vertical black dashed line labelled ‘CaPv-in’ shows the upper boundary of the
depth where CaPv is stable on the solidus. The transition from the end members majorite garnet
(Gt) to bridgmanite (Bm), both with the composition of MgSiO3, is univariant. The depths are
calculated from the pressures using those of the Preliminary Earth Model (PREM). diag v2/fig:2 1
Figure 2: (a) Enrichment factors for La, Eu and Lu between the melt and initial source as functions
of the melt fraction for melting in (a) the garnet peridotite and (b) the CaPv stability field when
the CaO concentration in the melt is taken to be 7%. diag/fig:2 2
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at the base of the upper mantle. Unlike the previous sections, it does not assume that entropy is
conserved as the mantle upwells. This section is followed by a discussion of where the arguments are
at present poorly constrained.
BACKGROUND
The best understood region where melt is now being generated is beneath spreading ridges, where
plate separation causes the mantle to upwell. When the separation rate is greater than about
20 mm a−1 the upwelling is essentially isentropic. Parameterisation of laboratory experiments allow
the major and minor element composition of the basalts to be calculated, and the results agree well
with the composition of the dredged samples of pillow-basalt glass. Early work on this problem
(McKenzie, 1984, Klein & Langmuir, 1987, McKenzie & Bickle, 1988) has now been extended in
several different ways. The variation of melt fraction with temperature and pressure, determined
in a number of different laboratories, has been parameterised by Katz et al. (2003). The variation
of solidus temperature with pressure is also much better known than it was in 1988, and has also
been parameterised by Katz et al. (2003). The melt fraction produced by isentropic decompression
depends on the latent heat, or entropy, of melting, which has been accurately measured by Kojitani
& Akaogi (1997). Fig. 3(a)- (d) shows the temperature structure and melt production rate beneath a
ridge with a plate separation rate of 100 mm a−1, calculated using Bown & White’s (1994) approach
and Katz et al.’s (2003) parameterisation. The stream lines in Fig. 3(a) are from the corner flow
solution for viscous flow with a constant viscosity (Batchelor, 1967, pp 224-227). Though the solution
in Fig. 3 includes the effects of heat conduction, when the plate separation rate is greater than about
20 mm a−1 the volume of melt generated is independent of the geometry of the upwelling and depends
on the mantle potential temperature alone (Bown & White, 1994). If all the melt is extracted, a
mantle potential temperature of 1314◦C produces a crustal thickness of 7 km. Fig. 3 (e) and (f)
show the decompression path and melt fraction as a function of depth for this potential temperature.
The first studies of ridge melting were based on the major and minor element composition of
MORB glasses, not on their trace element concentrations. White et al. (1992) instead used REE
concentrations to estimate the melt fractions, and showed that McKenzie & O’Nions’s values for
the MORB source composition required an oceanic crust thickness of about 7 km. They used
laboratory estimates of the partition coefficients, D, and many of the REE concentrations they used
were determined by neutron activation rather than by ICP-MS. More recently Blundy & Wood
(1994) used Brice’s (1975) lattice strain model to parameterise the variation of D with ionic radius.
Their approach is especially useful for incompatible elements like the light REE, whose values of
D are difficult to measure accurately in the laboratory. Fig 4 shows the result of applying REE
inversion, using partition coefficients calculated form Blundy & Wood’s approach (see the section
‘Partition coefficients’), to Gale et al.’s (2013) collection of analyses of oceanic basalt from most
of the Earth’s spreading ridges. Only samples (∼ 1500) with MgO concentrations ≥ 7.5% were
used in the inversion, to restrict compositions to magmas that have lost only olivine. Fig 4 shows
the inversion results from three models of the composition of the MORB source; from McKenzie &
O’Nions (1991), Sun & McDonough (1989), and Workman & Hart (2005). All three use the modal
composition of the MORB source obtained from the major and minor composition of KLB-1 (Davies
et al., 2009, see Table 3). The thickness of the oceanic crust for the three models is 7.2, 5.5 and
12.2 km respectively, after correcting for fractionation using equation (31) of McKenzie & O’Nions
(1991, see correction 1992). McDonough & Sun (1995) updated their estimates of the elemental
concentrations in CI chondrites and those in the primitive mantle. Table 2 shows ratios of three
estimates of three REEs whose concentrations in the mantle are likely to have been little affected
by the extraction of continental crust. McDonough & Sun (1995) did not provide estimates of the
composition of the MORB source, and therefore their values cannot be used directly to estimate
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the oceanic crustal thickness by inverting Gale et al.’s data. However, it can be estimated from the
enrichment factors relative to the concentrations in CI chondrites in Table 3 to be (2.74/2.13)× 7.2
km, or about 9.3 km. White et al. (1992) collected estimates of oceanic crustal thickness from ridges
whose separation rate is greater than 20 mm a−1. Their value, of 7.1±0.8 km, agrees with McKenzie
& O’Nions’s estimate from REE inversion using their REE concentrations. Fig 4(e)-(h) suggest that
Sun & McDonough’s (1989) trace element concentrations are too high and those of Workman & Hart
(2005) too low. However, the ratios of the concentrations in all three models agree well. Comparison
of the calculated and observed oceanic crust thickness probably provides the most accurate method
presently available for estimating the absolute REE concentrations in the MORB source.
Van Avendonk et al. (2016) have used measurements of oceanic crustal thickness that have
been made since White et al.’s (1992) review to argue that there has been a secular decrease in
oceanic crustal thickness, of about 1 km/100 Ma in the last 170 Ma, especially in the Indian and
Atlantic Oceans. They proposed that this change resulted from a decrease in mantle temperature of
15−20◦C/100 Ma. White et al. (1992) also found some evidence that the crustal thickness increased
with the age of the plate. However, they did not believe that the variation was significant, partly
because the crust is thin beneath fracture zones in the Atlantic, an effect which Van Avendonk et al.
(2016) ignored, and partly because the old part of the Pacific, where the average crustal thickness is
greater than elsewhere, has been affected by extensive younger intraplate volcanism. A recent careful
study of this problem by Christeson et al. (2019) also failed to find convincing evidence for a secular
decrease in oceanic crustal thickness. Christeson et al.’s estimate of the average oceanic crustal
thickness, of 6.15± 0.93 km, is smaller than that of White et al.’s (1992), of 7.1± 0.8 km. Whether
this difference is significant is unclear, because the distribution of crustal thickness measurements
is very far from random and the standard deviations of both estimates are large. Estimates of the
thickness from REE concentrations are principally controlled by the assumed source concentrations
of the lighter elements, La-Gd. McKenzie & O’Nions (1991) estimated that the uncertainty in their
values of the source concentrations of these elements was about 20%. Therefore their estimate of the
MORB source composition, which is that used for the calculations below, is compatible with both
Christeson et al.’s (2019) and White et al.’s (1992) average thicknesses.
Table 2 shows that McKenzie & O’Nions’s estimates of the enrichment factor of involatile com-
patible elements with respect to CI chondrites is between 2.1 and 2.2. Ca and Al in KLB-1 are
enriched by approximately the same factor, but Davies et al.’s (2009) value for the concentration
of Ti in KLB-1 requires an enrichment of only 1.5. An earlier measurement by Takahashi (1986)
gives an enrichment factor of 2.18, which agrees with those of the REE whose concentrations are not
likely to have been affected by continent extraction. Takahashi’s value is therefore used for the Ti
concentration in the MORB source, whose concentrations are listed in ppm above Figs 4(a)-(c). The
calculated potential temperature that corresponds to the melting curve in Fig. 4(d) is 1314◦C using
Katz et al.’s (2003) parameterisation and 100 ppm water in the source, whereas that for Fig. 4(h) is
1284◦C. It is unlikely that either determination is accurate to 30◦C, and therefore a value of 1300◦C
was used as the average potential temperature of the whole of the upper mantle.
The use of REE concentrations in Fig. 4 to estimate the average oceanic crustal thickness assumes
that melt generation occurs by fractional melting and that the fraction of melt that is present at any
time, and which remains in the source when melt generation stops, can be ignored. This assumption
is strongly supported by both theoretical arguments and field observations. The equations governing
two phase flow (McKenzie, 1984) show that basaltic melts containing ∼ 10% MgO separate from their
residues on a time scale of ∼ 104 a if the melt fraction exceeds ∼ 1% (McKenzie, 1985). Ion probe
measurements of the trace element concentrations in melt inclusions, trapped in olivine phenocrysts
transported by MgO-rich basalts, were pioneered by Shimizu (e.g. Johnson et al., 1990, Sobolev &
Shimizu, 1993, Slater et al. 2001). They show that the incompatible trace element composition of
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the melt inclusions varies by as much as two orders of magnitude, and corresponds to that expected
of fractional melts (Sobolev, 1996). Fig. 6(e) shows the compositional range of melt inclusions in
olivines from a single flow in NE Iceland (Maclennan et al., 2003a). It clearly shows the large range
of concentrations of elements such as La and Ce that results from the extraction of fractional melts.
The flow that contains their host olivines, Borgarhraun, is unusual because its whole rock chemistry
contains similar, though less extreme, compositional variations (Maclennan et al., 2003b). Obviously
some melt must be present in the source region during melting to allow the melt to separate from the
residue. Slater et al. (2001) modelled the REE composition of clinopyroxenes from oceanic peridotites
measured by Johnson et al. (1990). They showed that the melt fraction present during melting must
have been < 0.6%. The strongest constraint comes from the volcanic history of Iceland. At the end
of the last glaciation very large volumes of basalt were erupted as the ice retreated (Maclennan et
al., 2002). The same behaviour occurred at the end of the previous glaciation. Removal of 3 km
of ice reduces the pressure at depth by about 30 MPa, which increases the melt fraction by about
0.3%. The field observations show that this small change increased the eruption rate by orders of
magnitude. The amount of melt that remains in the melting region must therefore be small compared
to 0.3%. Importantly these observations show that there is no observational or theoretical evidence
that batch melting has any relevance to melt generation in the mantle. The same is probably not
true for crustal melting, because the high viscosity of granitic crustal melts is likely to prevent them
from separating from their residue. All the models discussed below assume that fractional melting
occurred and that all the melt that is produced is removed.
Melt generation beneath oceanic ridges results from plate separation, and is therefore governed
by plate kinematics. Calculation of melt generation by thermal plumes, like that beneath Hawaii,
is less straightforward, because the velocity field cannot be observed directly, and must instead be
calculated using fluid dynamics. The simplest model of a mantle plume is an axisymmetric upwelling,
maintained by heating from below, in a fluid whose material properties are constant. Watson &
McKenzie (1991) used this model to study melt generation beneath Hawaii. The modelling of mantle
convection is discussed in detail in the section ‘Convection’, where the same code is used to model the
melting that can occur at the base of the upper mantle. Fig. 5 shows the potential temperature and
melt generation that occurs at shallow depths, calculated from Watson & McKenzie’s preferred model
and a mechanical boundary layer thickness of 68 km. The total melt production rate is 0.2 km3 a−1,
similar to that of Hawaii, the maximum melt fraction is 0.2, and the maximum potential temperature
before the onset of melting is 1550◦C. An excess plume temperature of 250◦C above the average upper
mantle temperature is also within the range that Herzberg et al. (2007) proposed, based on the major
element composition of Hawaiian basalts.
Fig. 6 shows the REE inversion obtained from the composition of a single flow, Borgarhraun,
from the ridge axis in NE Iceland, whose average MgO concentration is 11.8%. Integration of the
melt fraction in Fig. 6(d) yields a crustal thickness of 16 km, compared with 20 km from seismic
refraction (Staples et al., 1997). The potential temperature required to generate the melt fraction
in Fig. 6(d) is about 1470◦C. The melting extends to the base of the crust because the eruption
occurred on the ridge axis. Figs. 5 and 6 show that the composition of this flow is that expected
from a hot plume.
The composition of Borgarhraun closely resembles that of picritic basalts from Belingwe in Zim-
babwe analysed by Shimizu et al. (2005) and Brake (1996), shown in Fig. 7. This resemblance is well
known, and was recognised by Viljoen & Viljoen (1969b), Cameron & Nisbet (1982), and many other
authors. The two obvious differences (see caption) are the concentrations of SiO2 and MgO. The first
probably results from the mobility of SiO2 (Brake, 1996) and the second from olivine fractionation.
The concentrations of trace elements in the sources of the Belingwe basalts and of Borgarhraun were
calculated by mixing primitive mantle and MORB sources in appropriate proportions to reproduce
8
the observed values of εNd (see captions). The concentrations of very incompatible elements, Cs,
Rb, K, Ba, Th, Pb, and U, in the Belingwe basalts is greater than that of the same elements in
Borgarhraun. Like that of SiO2, this difference is probably at least partly caused by alteration of
the Archean basalt, in contrast to Borgarhraun, which is a completely unaltered Holocene flow.
The maximum amount of melt extracted from the mantle in Figs. 6(d) and 7(d) is about 35%
in both cases, and the residues are therefore harzburgites. In the garnet stability field such depleted
residue is about 60 kg m−3 lighter than the MORB source at the same temperature. If the continental
lithosphere is formed from such material, this density contrast is sufficient to prevent the detachment
of the lithosphere by a thermal instability.
This section shows that the composition of MORB and the thickness of the oceanic crust strongly
constrain the average composition and average potential temperature of the convecting upper mantle,
and that the melt distribution obtained by inversion of the REE concentrations agrees with that
calculated from isentropic decompression. Various observations show that the melt fraction present
during mantle melting is < 0.1%. The composition of picritic basalts now being generated by plume
melting closely resembles that of Archean picritic basalts, and both can be modelled by the inversion
of their REE concentrations.
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Figure 3: Stream lines (a), melt fraction (b), potential temperature (c) and (d), melting rate (e) and
total extent of melting (f) beneath a ridge spreading at 100 mm a−1 separation rate. (c) and (f)
show the melting path of mantle beneath the ridge axis. diag/fig:3 1d-f
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Figure 4: diag/fig:3 2a-f
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Figure 4: Comparisons of the crustal thickness obtained by inversion of the REE concentrations
reported by Gale et al. (2013) for basalts with MgO ≥ 7.5%, using three different estimates of
the composition of the MORB source. All use a temperature of 1300◦C to calculate the partition
coefficients. The black circles show the average observed concentration/(that of the MORB source of
McKenzie & O’Nions, 1991) and the error bars show one standard deviation, calculated by combining
the standard deviation of the observed concentrations and the uncertainties in the MORB source
concentrations (McKenzie & O’Nions, 1991). The elemental concentrations in ppm from McKenzie &
O’Nions (1991) are listed along the top of panels (a)-(c), and are used for normalisation in all figures
in this paper. Those used for the MORB source of Sun & McDonough are listed along the top of
panel (e). Where the standard deviation exceeds the concentration, only the average concentration
ratio is plotted. The red lines show the ratios calculated from the associated melt distributions. The
heavy lines with arrows in (d), (f) and (h) show the regions where the bulk partition coefficients of
plagioclase (Plg), spinel (Sp) and garnet (Gt) peridotite were used in the inversion. The average
concentrations of the major and minor elements reported by Gale et al. and those calculated from
the concentrations in (b) and (c) are
SiO2 TiO2 Al2O3 FeO MnO MgO CaO Na2O K2O
obs. 50.40 1.34 15.40 9.63 0.17 8.31 11.78 2.60 0.16
calc. 50.28 1.38 15.63 8.30 0.20 10.62 11.35 2.44 0.06
diag v2/fig:3 2g-h.jpg
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Figure 5: Temperature and melt production from the steady state plume model from Watson &
McKenzie (1991), used as the initial condition for the time-dependent model in the section ‘Convec-
tion’. The melt production rate is 0.2 km3 a−1 diag/fig:3 3. The horizontal lines show the depths
where garnet (Gt) first appears in spinel peridotite as pressure increases, and where spinel (Sp)
disappears.
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Figure 6: Inversion of the whole rock compositions, (a)-(c), from Borgarhraun, Theistareykir, NE
Iceland (Maclennan et al., 2003b; Stracke et al., 2003). (e) shows the REE compositions from melt
inclusions in olivines from the same flow: The dashed lines in (e) are concentration ratios from
Maclennan et al. (2003a), and the continuous black lines those from Slater et al. (2001). The source
composition used for the inversion was a mixture of the MORB source with εNd = 10., and primitive
mantle from McKenzie & O’Nions (1991) with εNd = 0., that produces εNd = 8.76, the average value
for the flow. A mantle plume temperature of 1550◦C was used to calculate the partition coefficients.
See caption to Fig. 4 for an explanation of the conventions used in (a)-(c). The average observed
concentrations of the major and minor elements and those calculated from the concentrations in (b)
and (c) are diag/fig:3 4
SiO2 TiO2 Al2O3 FeO MnO MgO CaO Na2O K2O
obs. 48.66 0.69 14.54 9.28 0.17 11.91 12.88 1.62 0.05
calc. 50.47 0.73 12.19 9.79 0.22 15.43 9.78 1.62 0.03
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Figure 7: REE inversion using the composition of picritic basalt from Belingwe (Shimizu et al., 2005;
Brake, 1996) using a source constructed to have εNd = 5.93 (see Fig. 6). A mantle plume temperature
of 1550◦C was used to calculate the partition coefficients. See caption to Fig. 4 for an explanation
of the conventions used in (a)-(c). diag v2/fig:3 5
SiO2 TiO2 Al2O3 FeO MnO MgO CaO Na2O K2O
obs. 53.94 0.66 14.05 9.79 0.18 8.65 10.30 2.15 0.13
calc. 48.56 0.82 12.69 10.34 0.13 15.50 10.12 1.74 0.01
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PHASE DIAGRAMS
The understanding of melt production by spreading ridges discussed in the last section depended
on laboratory studies of melting at pressures of up to 3-4 GPa in piston cylinder equipment. The
modelling of the processes involved at first depended on the behaviour of Na (Klein & Langmuir,
1987; McKenzie & Bickle, 1988). Extension of this approach to study the phase diagram of peridotite
to pressures of 20-30 GPa required the development of a new technology, based on Kawai’s multianvil
press methods (Kawai & Endo, 1970), and by Ito in particular (Ito & Takahashi, 1989). Though
such presses can reach lower mantle pressures, the sample size is only a few mm, with temperature
variations of ∼ 100◦C. Grove et al. (2013) discuss the difficulties that arise in piston cylinder exper-
iments at pressures of ∼ 3 GPa, where the temperature difference between the solidus and liquidus
becomes comparable to the temperature variations within the sample. These problems become even
greater in Kawai-type presses, and little is yet known about the major element composition of melt
generated between the solidus and the liquidus at pressures of 10-30 GPa. Though a large number
of measurements have been reported (Zhang & Herzberg, 1994; McFarlane et al., 1994; Kato et al.,
1988; Walter, 1998; Taura et al., 2001; Trønnes & Frost, 2002; Ito et al., 2004; Corgne & Wood,
2004; Hirose et al., 2004; Liebske et al., 2005; Tateno et al., 2014) they are not easy to interpret
because of the large temperature differences within the small samples. Many samples entirely melted
in the hottest region, despite remaining below the solidus a millimetre away. Measurements of the
trace element concentrations in the melt and mineral phases are easier to interpret, and can be
parameterised using partition coefficients. These are discussed in the next section. For the same
reason the modelling of komatiite melting discussed below is principally based of the observed REE
concentrations. However, in addition to the partition coefficients, such modelling requires detailed
knowledge of the peridotite phase diagram throughout the mantle, the variation of the solidus and
liquidus with pressure, the melt fraction between the two, that at which different phases become
exhausted as the melt fraction increases, and the latent heat of melting. It is a remarkable tribute
to the high pressure petrological community that most of this information is now available, at least
in outline.
A number of groups have determined the phase diagram of material with the composition of
KLB-1, a nodule from Kilbourne Hole (Takahashi, 1986; Davies et al., 2009), and a pyrolite of
similar composition (McDonough & Sun, 1995). Fig. 8 shows the results of three such studies, by
Zhang & Herzberg (1994) and Trønnes & Frost (2002), both of whom used KLB-1, and by Ishii et al.
(2018), who used pyrolite with the composition listed by McDonough & Sun (1995). To simplify the
comparison between the results from the different groups, the phase diagrams from their experiments
have been re-drawn using the same abbreviations for mineral phases (Mg-perovskite is now known
as bridgmanite, labelled Bm). At pressures greater ∼ 3 GPa the stable garnet mineral is pyrope. As
the pressure increases solid solution occurs between pyrope and majorite (Mj), a garnet with similar
partition coefficients to pyrope. The combined stability field of these two minerals is labeled ‘Gt’.
In the region of special interest, marked by the green box covering the depths of 600-700 km and
temperatures of 2050◦C – 2450◦C, the phase diagram is particularly complicated. All of Trønnes &
Frost’s experiments (Fig. 8) were carried out under P,T conditions within this box, and provide the
most detailed constraints in this critical region.
An alternative approach to mapping the phase diagram of peridotite at high pressure is to use
thermodynamic constraints. Holland et al. (2013) carried out such a study using the composition
of KLB-1, and show a plot of the modal proportions of different minerals as a modebox diagram,
along a geotherm from 1400◦C at 3 GPa to 1700◦C at 30 GPa. Their phase diagram is in good
agreement with those from laboratory experiments. The REE modelling requires estimates of the
phases present on the solidus. The phases of particular importance are Cpx, CaPv, Bm and Mj
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(Fig. 9). In order of increasing pressure Cpx-out occurs at 15 GPa (15 GPa), CaPv-in at 21.5 GPa
(21 GPa), Bm-in at 23 GPa (23 GPa), Mj-out at 24.8 GPa (24.5 GPa), where the values outside
the brackets are estimated from the phase diagrams from laboratory experiments and the bracketed
values are from Holland et al. (2013). The depth of CaPv-in, of 600 km, is of particular importance,
and there is excellent agreement between all four groups.
Fig. 9 shows the modebox for the composition of KLB-1 at the solidus which is used in the
calculations below. The phases are taken from the phase diagrams and the modes were calculated
from the mineral compositions listed in Table 3 by minimising the rms difference between the bulk
composition calculated from the mode and that of KLB-1. The resulting modes are listed in Table
4. The trace element concentrations are especially sensitive to the presence of Cpx and CaPv on the
solidus.
The agreement between the different groups on the location of the solidus is less good than it
is for the rest of the phase diagram. The solid black line in Fig. 8(a) shows the function Ts(P )
proposed by Herzberg et al. (2000), which is used below for pressures between 10 and 23.9 GPa.
Ts = 1086− 5.7P + 390 loge P (1)
where P is the pressure in GPa. It is constrained by a number of experiments in which melting
occurred, and agrees reasonably well with Trønnes & Frost’s phase diagram. However, it is about
80◦C colder than that of Ishii et al.’s (2018) (Fig. 8(b)), none of whose experiments generated melt.
The Kawai-type presses used to study the phase relations shown in Fig. 8 are difficult to use at
pressures greater than about 26 GPa and temperatures greater than 2200◦C, because the tungsten
carbide anvils deform and are likely to fail. Ishii et al. (2019) have shown that slight tapering of such
anvils now allows the working pressure to be increased to ∼ 50 GPa. However, existing constraints
on the value of Ts at pressures above 24 GPa depend on diamond anvil experiments, which are less
accurate than are those using Kawai-type presses. Zerr et al. (1998) estimated the upper bound on
Ts(P ) shown in Fig. 10. Fiquet et al.’s (2010) estimate, plotted in the same figure, is consistent
with Zerr et al.’s, but has only a single experimental constraint shown as the black dot in the figure.
The calculations below assume that dTs/dP = 25
◦C/GPa for P ≥ 23.9 GPa, starting at the value of
Ts(P = 23.9 GPa) from Herzberg et al. (2000).
The isentropic decompression path for a given initial value of Tp depends on the variation of
melt fraction with temperature between Ts and Tl. M
cKenzie & Bickle (1988) parameterised F (P, T )





where Ts and Tl are the solidus and liquidus temperatures. Then, by definition F (T
′ = 0) = 0 and
F (T ′ = 1) = 1. The variation of Tl(P ) is even less well constrained than is Ts(P ), and there is at
present no information that constrains F (T ′) at high pressure when T ′ 6= 0 or 1. Zhang & Herzberg’s
(1994) experiments suggest that
Tl ' Ts + 140◦C (3)
is a reasonable approximation. The simplest functional form of F (T ′) that satisfies the boundary
conditions at T ′ = 0, 1 is
F = T ′ (4)
which was used for all the thermodynamic calculations at pressures above 10 GPa.
Melt generation by isentropic decompression is governed by the difference between the slope of
the solidus and the isentropic temperature gradient of the solid material, (∂T/∂P )s. Katsura et al.
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(2010) estimated T (P ) corresponding to a potential temperature of 1327◦C. Their results are shown
in Fig. 10, and correspond to a value of (∂T/∂P )s of about 11
◦C/GPa. The small steps result from
the solid state phase changes and are ignored in the isentropic decompression calculations below.
Stixrude & Lithgow-Bertellini (2011) obtained a similar value, of 13◦C/GPa, for a similar potential









where Tk is the absolute temperature.
Decompression melting also requires an estimate of the entropy of melting. Kojitani & Akaogi
measured a value of 400 J kg−1 ◦C−1 for basaltic melting, and their value is used for pressures of
less than 23.9 GPa. At higher pressures the solidus phase is principally bridgmanite. Braithwaite
& Stixrude (2019) estimated a value of 625 J kg−1 ◦C−1 for CaPv melting, and their value is used
for pressures greater than 23.9 GPa. Another estimate can be obtained from the phase diagram of














ρf is the melt, and ρs the solid, density. The increase in ρs caused by the phase change from majorite
to bridgmanite produces an increase in dTs/dP . Shen & Lazor (1995) show that the value of dTs/dP
for majorite melting at pressures close to 23 GPa is small. The density of the melt must therefore be
close to, but still less than, that of majorite, of 3.522 Mg m−3 (Ishii et al. 2018). At higher pressure,
after majorite has undergone a phase change to bridgmanite with a density of 4.106 Mg m−3, dTs/dP
increases to about 70◦C/GPa (Shen & Lazor, 1995). If the density of the melt remains unchanged,
the entropy change calculated from equation (6) is 580 J kg−1 ◦C−1.
This discussion and Fig. 8 show that neither Tl(P ) nor F (T
′) are at present well constrained
by the experimental data. Fortunately the isentropic melt fraction F (P ) is not very dependent on
either. Fig. 11 shows the solidus and liquidus temperatures, and the values of the temperature and
melt fraction along the isentropic decompression path, for two values of Tl − Ts, 140◦C, the value
used in all the calculations below, and 20◦C. The calculations shown were carried out in the same
way as those of McKenzie & Bickle (1988), Miller et al. (1991) and Katz et al. (2003), by requiring
the combined entropy of the melt and solid to remain constant (McKenzie, 1984, eq. D7). Because
the entropy of the solid phase is constant, the potential temperature is also constant (Fig. 11(b) and
(e)) until melting starts. The melt fractions result from the two choices of Tl − Ts, in Figs. 11(c)
and (f), are similar, and in both cases the melt fractions generated below 600 km are only a few %.
Large melt fractions, of ∼ 20 − 30%, are only generated at depths of less than 200 km, where the
value of dTs/dP is large.
The shape of Tps(P ), the solidus potential temperature, in Fig. 11(b) and (e) has an important
influence on where melt generation can occur at high pressure. The gradient of Ts close to, but














calculated from the parameters in Table 1, is 17 ◦C GPa−1. Therefore the isentropic temperature
gradient is greater than dTs/dP at pressures between about 18 and 23.9 GPa and no melt can be
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generated by isentropic decompression in this pressure interval. However, it is less than Fiquet et
al.’s (2010) value of 25 ◦C GPa−1 at pressures above 23.9 GPa, and much less than Shen & Lazor’s
(1995) value for pure bridgmanite. The geometry of the solidus potential temperature in Fig. 11(b)
and (e) between P = 10 and 23.9 GPa results from the change in sign of dTs/dP − (∂T/∂P )s on
the solidus. Equations (6) and (7) show that the sign of the solidus gradient is controlled by the
sign of ∆V , since ∆S is positive. Herzberg et al.’s (2000) expression for Ts(P ) and the high pressure
experiments illustrated in Fig. 8 shows that dTs/dP > 0, even though its value is small. Therefore
ρs > ρf and the melt will move upwards, even at the base of the upper mantle where the potential
temperature of the solidus is increasing with decreasing pressure.
Laboratory experiments are carried out at pressures and temperatures that are set by the exper-
imentalist. The constraints governing melt generation during isentropic upwelling of the mantle are
quite different. Because laboratory samples are so small, entropy is not conserved during melting.
In contrast, entropy is approximately conserved when mantle material moves vertically (McKenzie
& Bickle, 1988; Miller et al., 1991). The latent heat of melting must then be supplied by cooling the
residue, and the temperature difference between the solidus and the liquidus has only a minor effect
on the amount of melt generated.
The last issue concerns the presence of CaPv in the residue of komatiite melting. Xie & Kerrich
(1994) argued that CaPv could not be present because it would cause the residue to be enriched in
the light REE. Corgne & Wood (2004) and Corgne et al. (2012) argued that the value of F (CaPv-
out) is small, and therefore cannot account for the low concentrations of rare earth and other trace
elements in komatiites. These argument are correct if komatiites are generated by extensive amounts
of melting, but are not correct if the melt fractions involved are as small as those in Fig. 11(c) and
(f).
Fig. 11(b) and (e) show that komatiitic melts will be generated in upwelling plumes when their
potential temperature exceeds about 1815◦C, and substantial volumes of such magmas will require
temperatures of ∼ 1860◦C. Plumes with temperatures of less than 1815◦C will not generate melt
until they reach depths of less than 300 km. As they start to melt they will make magmas with com-
positions like those of meimechites discussed below. The production of komatiites in the Archean,
but rarely at later times, and the generation of meimechites by a plume in the Permian, suggests
that plume temperatures have decreased by perhaps no more than 50◦C since the Archean. However,
neither type of magma provides any information about any changes that may have occurred in the
average potential temperature of the mantle.
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Figure 8: diag v2/fig:4 1 a
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Figure 8: Phase diagrams redrawn from Zhang & Herzberg (1994) (a), Ishii et al. (2018) (b), and
Trønnes & Frost (2002) (c). The dashed lines in (b) and (c) show the solidus and liquidus from (a).
Trønnes & Frost’s experiments provide no constraints on the location of the liquidus at pressures
below 24 GPa. At higher pressures their liquidus, shown as the solid blue line, is inconsistent with
two of their experiments.
diag v2/fig:4 1 b, diag v2/fig:4 1 c
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Figure 9: Modebox showing the proportions of different phases present on the solidus, used to
calculate the bulk partition coefficients from the proportions of the relevant minerals at the dashed
lines (see Tables 3 and 4). The lines at the top show the depth extent of the different types of
peridotite, for each of which the value of bulk partition coefficient was calculated. Where the lines
overlap the bulk coefficients were obtained by linear interpolation between the values Db, Pb and D1
for each peridotite type (see equations (12) and (13)). Mj is majorite. diag v2/fig:4 2.
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Figure 10: Plot of Ts(P ) and Tl(P ) used to calculate F (T
′). The expression for Ts(P ) from Katz et
al. (2003) was used when P < 10 GPa, and their expression for Tl(P ) when P < 3 GPa. Herzberg
et al.’s (2000) expression, equation (1), for Ts(P ) was used when 10 < P < 23.9 GPa, and Tl set to
Ts + 140
◦C. Between 3 and 5 GPa Tl was calculated by linear interpolation between Katz et al.’s and
Herzberg et al.’s values. At pressures greater than 23.9 GPa Ts(P ) = Ts(23.9 GPa)+25.× (P −23.9)
and Tl = Ts+140
◦C. The melt fraction F (T ′) was obtained from Katz et al.’s (2003) expression below
8 GPa, from equation (5) above 10 GPa, and by linear interpolation between the two in the interval
between. The line marked Tp = 1327
◦C shows T (P ) for a potential temperature of 1327◦C. The
black dots with numbers show the MgO concentration in the melt (Herzberg, 1995). The vertical
lines show the phase changes that occur on the solidus. Katsura et al.’s (2010) line showing the
temperature of material with a potential temperature of 1327◦C is approximately that of material
beneath an oceanic ridge. Zerr et al.’s (1998) solidus is an upper bound: the true solidus may be up
to 300◦C cooler. The point at 36 GPa, 2540◦C shows the solidus from Fiquet et al. (2010) and the
vertical bar shows the temperature variation that occurred during the experiment. diag v2/fig:4 3
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Figure 11: diag v2/fig:4 4a-c
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Figure 11: A comparison of isentropic decompression melting for two values of Tl − Ts, of 140◦C,
(a)-(c), and 20◦C, (d)-(f). Panels (a) and (d) show the temperature in ◦C of the solidus, liquidus,
and isentropic decompression paths, marked in (a) with the MgO concentrations. (b) and (e) show
the same curves, but as functions of potential, rather than real, temperature. (c) and (f) show the




The composition of melt is governed by the partitioning of an element between solid and liquid.
In the case of trace elements such partitioning generally obeys Henry’s Law and can be described
by a single parameter, the partition coefficient, for each element and mineral phase. Brice (1975)
argued that the value of the partition coefficient depends on the elastic strain resulting from the
incorporation of an element into the crystal lattice of the solid. His proposal has been exploited
by Blundy & Wood (1994) to parameterise the partitioning of trace elements into silicate lattices
using the values of ionic radii proposed by Shannon (1976). Beattie (1994) used Nagasawa’s (1966)
expression for D(T, ri) which is almost the same as that of Brice (1975). Their approach, combined
with ICP-MS and SIMS instruments that can routinely measure trace element concentrations with
accuracy and precision, has had a profound influence on their use in petrology. Brice’s expression

















where cs and cl are the elemental concentrations in the solid and liquid respectively, NA is Avogadro’s
number, E is an elastic constant, R is the gas constant, Tk the absolute temperature. D0, E and r0
are constants that depend on the mineral into which the element is partitioning and on the valency
of the substituting element. The concentrations of trace elements can be measured accurately with
microanalytical instruments, and values of D, D0, E and r0 determined for elements substituting
into high pressure phases.
Figs. 12 and 13 show fits of equation (9) to the partition coefficients for REE with valency 3+
between melt and a variety of minerals. The values of D0, E and r0, listed in Table 6, were calculated
by fitting equation (9) to the measured values of D. A log scale is used in Fig. 12 because the range
of values of D is so large. The figure shows one major advantage of Blundy & Wood’s approach:
it allows values of D to be calculated for REE for which no measurements are available. Another
advantage concerns the accuracy of measurements of D when its value is small and the element is
strongly concentrated in the melt. A variety of effects can then cause the measured value of cs to
exceed its correct value. In Fig 12 this problem is likely to explain the poor fit of Nd-La in Fig
12(c) to the curve generated from equation (9) using the values of the parameters listed in Table 6.
For small values of D the values calculated from equation (9) are likely to be more accurate than
the measured values shown in the plots. Blundy & Wood’s approach is easily included in the REE
inversion program, and the values of D calculated from the parameters in Table 6 are used for all
the calculations below.
In the absence of Cpx and CaPv, Gt, Mj and Bm dominate the REE composition of the melt when
the melt fraction is small (Fig. 12), which then has a normalised La/Lu ratio of ∼ 102. In contrast
the partition coefficients of CaPv in Fig. 13 are uniformly high for all REE. Table 5 shows that they
are also high for other, normally incompatible, elements. This behaviour was first systematically
explored by Kato et al. (1988). Ito & Takahashi (1987) had previously noticed that La, which had
diffused into their sample from the LaCrO3 heater, concentrated in the CaPv phase. The behaviour
of D for the REE partitioning into pyrope (Fig. 12(a)) and majorite (Fig. 12(c)) garnets is similar,
with those REE that have large ionic radii being very incompatible. The values of D for bridgmanite
behave in a similar way to those for garnets. In contrast, D for Cpx has a maximum value for D(Dy),
and its variation resembles that for CaPv, though the values are smaller.
The values of D0 for CaPv from different experiments show large variations that correlate with the
CaO concentrations in the melt. Corgne & Wood (2005) used this and similar partitioning behaviour
in perovskite, CaTiO3, to show that the REE elements partition into Ca
2+ vacancies. They used the
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relevant equilibrium constant to show that
D
CaPv/Liq
0 = α [CaOLiq]
−3/2 (10)
where α is a constant and CaOLiq is the CaO concentration in the liquid in %. The concentration
of CaO in melt produced at depths of 600-700 km in the mantle is unknown. It was therefore used
as an adjustable parameter in modelling the komatiite melt compositions. However, conservation
of mass requires the melt fraction at which CaPv disappears from the residue, F (CaPv-out), to be






× (Initial modal fraction of CaPv) (11)
where F1 = F (CaPv-out). Values of α for six experiments involving CaPv and melt are listed in
Table 6. The average value, of 682, from the experiments that involved CaPv alone, was used for the
calculations below. Corgne & Wood (2005) included experiments involving CaTiO3 and obtained a
value of α of 879. They also showed that the values of D for a variety of trace elements other than
the REE also varied with the CaO content of the melt. Fig. 13 compares the values of D for CaPv
from various experiments with those calculated from equation (9), using the average values of r0 and
E for CaPv in Table 6, and of D0 from equation (10), using the appropriate values of CaO.
The presence or absence of CaPv in the mantle residue has a profound influence on the REE
composition of the melt. This influence is an obvious consequence of the values of the partition
coefficients plotted in Fig. 13, and is illustrated in Fig. 14 for two values of F1. The three elements
were chosen to illustrate the full range of REE behaviour. The fractional melt concentrations were





























where Db is the bulk partition coefficient calculated from the initial modal proportions, and D1 that
from the modal proportions when F ≥ F1. Pb is calculated from the partition coefficients of the
minerals, weighted by the proportions that are entering the melt (Shaw, 1970). The concentrations
of elements in the fractional melt calculated from equations (12) and (13) are continuous functions of
F . That of La in Fig. 14 appears to be discontinuous at F = F1 because its value of D1, of 7.6×10−4,
is so small. The behaviour of La during melting in the presence of CaPv is completely different from
that at depths where garnet peridotite is stable, shown in Fig. 2, where its melt concentration is
controlled by garnet and clinopyroxene.
The limited variation that occurs in the REE concentrations in Fig. 14 during the generation of
the first ∼ 5% of melt can account for the contrast between the composition of melt inclusions in
olivines from basalts formed by melting at depths of < 150 km in the garnet stability field (Fig.
6(e), Sobolev & Shimizu, 1993; Sobolev, 1996) and those in olivines from komatiites (Sobolev et al.,
2016; Danyushevsky et al., 2002 and pers. com.). When CaOmelt = 20%, La in Fig. 14 behaves
slightly incompatibly, with a concentration of about 6× that in the solid at the onset of melting,
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Figure 12: The plots show observed values of D for pyrope garnet (a), clinopyroxene (b), majorite
garnet (c), and bridgmanite (d), taken from the sources listed in Table 6. They were used to determine
D0, r0 and E listed in Table 6 using equation (9) and the temperatures at which they were measured.
diag v2/fig:5 1.
whereas the enrichment factors of Eu and Lu are about 2. These values are similar to the average
enrichment factors relative to the MORB source observed in komatiites (see next section) . The value
of F1 uncertain, but these two plots show that the REE element concentration in the melt remains
low when its value is as small as 0.1 if the melt fraction is less than ∼ 5%.
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Figure 13: As for Fig. 12 for CaPv. The partition coefficients for different CaO(melt) concentrations
were calculated from equations (9 - 13). diag v2/fig:5 2
Figure 14: Enrichment factors for La, Eu and Lu between the melt and initial source as functions
of the melt fraction for melting the CaPv stability field when the CaO concentration in the melt is
taken to be 20% (a), and 10% (b). diag v2/fig:5 3
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KOMATIITE MELTING
McKenzie & O’Nions (1991) failed to find a melting model that could account for the REE concentra-
tions in komatiites. The principal reason for their failure is that they were trying to make komatiites
by melting in the stability field of garnet peridotite, using a melting model similar to that in Fig.
15(d). As Figs. 15(e) and (f) show, such a melting model fits the observed compositions well, but it
is not obvious how the melt fractions required, of 60%, can be produced.
As the last two sections show, the composition of melt that is generated in equilibrium with CaPv
and Bm is quite different from that of melts from shallower depths. Fig. 15(b) and (c) compare
the composition of small melt fractions generated by the modest amounts of melting in Fig. 15(a)
in the CaPv stability field with those of a global collection of komatiite compositions from Sossi et
al. (2016). The compositions were calculated from the partition coefficients for REE, obtained from
equations (9) and (10) with CaOmelt = 18 % giving D0(CaPv)=8.9, and those for other elements
from in Table 6, both using the modal mineralogy from Table 4. Increasing the value of CaOmelt
reduces the concentration of Ca2+ intrinsic vacancies in CaPv and CaTiO3 perovskite, which in turn
decreases the value of D0 and increases the concentration of REE elements in the melt. At present
Corgne & Wood’s (2005) study is the only detailed investigation of the substitution mechanisms
involved, and it is not yet clear whether the concentration of other elements in the melt affects the
concentration of Ca2+ intrinsic vacancies in CaPv. The average concentration of CaOmelt for the
komatiite compositions from Sossi et al. (2016) is 6.6%, which gives a value of D0(CaPv) of 40 and a
normalised concentration of REE like Eu and Gd in the melt of∼ 0.4, in contrast to observed values of
∼ 2. Because of these uncertainties the CaOmelt concentration was used as an adjustable parameter.
Even less is understood about the substitution of REE in Bm, which controls the concentrations of
the heavier REE in the melt (see Fig. 12(d)). Like D0(CaPv), that of D0(Bm)=2.0 determined from
the high pressure experiments causes the heavier REE to have lower concentrations in the melt than
is observed (see Fig. 15(b)). The value of D0(Bm) of 0.7 was therefore used for the calculations
in Fig. 15(b) and Fig. 16(b) and (e). With these two adjustments (see Fig. 15(b)), the fit to the
REE measurements is good. The melt fraction required, of 1-2%, is modest, and is similar to that
calculated from isentropic decompression (Fig. 11(c) and (f)). The elemental composition of the
source rock is the same as that used to model present-day ridge melting. The fit to other elements
in Fig. 15(c) is less good. It is surprising that the calculated concentration of Sr is so large. This
behaviour is a consequence of the small value of D for Sr in Bm, of 2.9 × 10−3 (Table 5). Though
no attempt has yet been made to include the major element composition of melts produced in the
CaPv stability field in the inversion program, Herzberg & Asimow’s (2015) and Herzberg’s (1995)
estimates of the MgO concentration as a function of pressure (see Fig. 10) suggest that melts from
depths of 600-700 km will have similar MgO concentrations to those observed in komatiites.
Though Fig. 15 shows that this simple decompression model, starting in the stability field of
CaPv, can account for the average REE composition of komatiites, it is clear that the available
geochemical analyses contain more information than has been captured by such plots. It is probably
too soon to do so, but it is hard to resist modelling the variations between different types of komati-
ites. Those that concern major element variations, such as the difference between the high and low
Al2O3 komatiites, must obviously wait until there is more understanding of what controls the major
element concentrations. But the REE variations can be used for this purpose. Fig. 16(b) shows the
compositions for Barberton komatiites from Sossi et al. (2016). The observed REE compositions
agree well with those from the melting model in Fig. 16(a). Like Fig. 15(c) the agreement for
other elements in Fig. 16(c) is less good, probably because some have been mobile. Puchtel et al.
(2013) found that the age of the Barberton komatiites was 3.48 Ga, and that the Nd and Hf isotopic
ratios showed that the source regions must have had higher ratios of Sm/Nd and Lu/Hf than those
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expected for primitive mantle, presumably resulting from earlier depletion. Melting at depths where
CaPv is a solidus phase results in little fractionation of Nd relative to Sm, or Lu relative to Hf, in the
residue. The fractionation required by the isotopic observations is therefore likely to have occurred
at depths shallower than 300 km.
The Commondale komatiites from SE Africa (Wilson, 2003; Hoffman & Wilson, 2017) whose age
is 3.33 Ga, show extreme variations in REE concentrations, illustrated in Fig 16. Modelling such
variations requires a more complicated model than that used for Barberton, because the concentra-
tions in some samples are less than 1/10th of that of the MORB source. The initial values of εNd,
of 2.0, and of εHf , of 7.5, show that the source must also have been depleted in Nd with respect to
Sm, and especially Hf with respect to Lu, some time before it melted if its original composition was
that of the primitive mantle. When small amounts of melting occur below a depth of 600 km the
bulk partition coefficients of most trace elements are similar because of the presence of CaPv in the
residue. Therefore removal of small amounts of melt from the base of the upper mantle will not result
in large fractionation effects between, for instance, light and heavy REE. Fig. 11 shows that such
fractionation can only occur when melt is generated and removed at depths shallower than about 300
km, where isentropic upwelling can generate melt in the garnet stability field. If the Commondale
komatiites were generated by melting in the CaPv stability field, their source must first have been
depleted in light REE elements at depths of less than about 300 km and then moved downward by
about 300 km. The model used to match their composition is outlined in the caption. The resulting
concentrations of the REE and Hf in Fig 16 agree well with those observed. The calculated rates of






= 54 Ga−1 (14)
The observed value of εHf therefore suggests that the depletion occurred ∼ 100 Ma before the ko-
matiite melt was generated, and that the enrichment, which added more Nd than Hf to the source,
occurred later, decoupling the behaviour of εNd from that of εHf .
One of the intriguing and surprising features of komatiites concerns their melt inclusions. Mea-
surements of trace element concentrations in olivine-hosted melt inclusions from komatiites, by
Danyushevsky et al. (2002 and pers. com.) and by Sobolev et al. (2016), show that the com-
position of the melts trapped in olivines with mg#s of 90.5-94.5 is similar to that of their host
magmas. They do not show the concentration variations of incompatible elements, of more than
an order of magnitude, that is such a striking feature of melt inclusions in some forsteritic olivines
from MORB and plume melts (see Fig. 6(e)). Fig. 17 shows the compositions of melt inclusions
from Sobolev et al. (2016), together with that of the host rock. Danyushevsky (pers. com.) has
measured the REE concentrations in a number of melt inclusions, and has found the same lack of
variation in the larger data set. Fig. 2 shows that this difference between melts produced from garnet
peridotite and from perovskite peridotite is to be expected, because the concentration of La changes
by more than an order of magnitude in the first few % of fractional melt generation when the source
is garnet peridotite (Fig. 2), whereas it is approximately constant in this melting range when the
source contains CaPv (Fig. 14).
An important question is whether komatiites like those erupted in the Archean are still being
generated. The Gorgona komatiites have an MgO content of 19% and low concentrations of light
REE (Révillon et al., 2000). Less well known are the ultramafic volcanics from the Tumrock Range in
Kamchatka (Koloskov et al., 2009; Vasil’ev & Gora, 2014, Kamenetsky et al., 1995). Their age is Late
Cretaceous or Paleocene, their whole rock MgO concentration is 26.4% and that of their olivine-hosted
melt inclusions is 21.9%. The REE concentrations of both the whole rock and the olivine-hosted melt
inclusions are similar to those from the Komati region of the Barberton Greenstone Belt (Sossi et al.,
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2016). Both these volcanics and those from Gorgona suggest that komatiites have been produced as
recently as the Cretaceous, though they are much less common than they were in the Archean.
Meimechites come from the Maymecha River, which forms part of the Permian flood basalt
province of northern Siberia (Fedorenko & Czamanske, 1997). Because their incompatible trace
element concentrations are more than two orders of magnitude greater than that of the MORB
source (Fig. 18((a) and (b)), they are often not classified as komatiites. However, such magmas
contain more than 18% MgO in their liquid phase. Unlike the other types of komatiite, there is
general agreement that meimechites were produced by small amounts of melting at temperatures of
1800◦ − 2000◦C at depths of 200-300 km (Sobolev et al., 1991; Sobolev et al., 2009; Carlson et al.,
2006; Arndt et al., 1998). As Fig 9 shows, melting at such depths occurs within the garnet peridotite
stability field, with the garnet containing a majorite component. A melting process that can produce
meimechites is relatively easy to model. Fig. 18 shows that the composition of melt produced by 1%
melting at a depth of about 300 km agrees well with the observed trace element concentrations. Fig.
11(b) and (e) show that mantle material with a potential temperature of about 1800◦C is slightly
too cold to generate komatiitic melt in the CaPv stability field. Instead it intersects the solidus at a
depth of 300-400 km, where it will generate meimechite melt. Fig. 9 shows that the melt composition
between depths of 100 and 300 km will be controlled by garnet partition coefficients, which are similar
for pyrope and majorite (Corgne et al., 2012; Fig. 12). Therefore the melt composition provides
only a weak constraint on the depth of melting in this depth interval. Isentropic decompression
cannot produce melt between depths of 670 and 300 km. The inversion program generates melt at
the base of the melting interval in Fig. 18 in order to match the concentrations of the light rare
earth elements. As Fig. 12 shows, they are more incompatible in majorite (Fig. 12(c)) than they
are in clinopyroxene (Fig. 12(b)). The modebox in Fig. 9 shows that the modal proportion of Cpx
decreases as the depth increases from 100 to 450 km, as the calcium moves from pyroxene into garnet.
It is this decrease, combined with the difference in partition coefficients between Cpx and Mj, that
determines the depth of melt generation in Fig. 18. As this example shows, the inversion program
can use the relatively small differences between mineral partition coefficients and modal mineralogy
(neither of which are yet well determined) to constrain the depth of melt generation in depth ranges
where no major phase changes occur.
Meimechites may be more commonly produced by mantle plumes than their abundance in the
field suggests. If they are diluted by extensive melting at shallower depths they will be invisible.
The Siberian meimechites probably avoided such dilution because they came from a plume that was
beneath thick lithosphere. Unlike Archean komatiites, whose geological setting must be reconstructed
from the structure of the greenstone belts in which they are now found, the present lithospheric
structure beneath NE Siberia is likely to have changed rather little since the Permian. Fig. 19 shows
a map of the present lithospheric thickness of the region, obtained from surface wave tomography
(Priestley & McKenzie, 2013). The thickness beneath the present location of the meimechites is
now about 180 km, and the spatial resolution of the map is about 300 km. Therefore the present
lithospheric thickness is sufficient to limit the volume of melt produced by shallow melting.
Fig. 15 and Fig. 11 show that isentropic decompression can generate komatiites at depths greater
than 600 km with the observed compositions if the mantle has a potential temperature of ∼ 1850◦C.
No melting occurs between depths of 670 and 300 km during isentropic decompression. At shallower
depths such decompression can again occur, and starts by generating magmas with compositions like
meimechites.
But these proposals leave a number of other questions to be answered. How does the mantle
become so hot? If it is so hot, why are komatiite melts not diluted by the much more abundant
picritic basalts which must be produced when such hot plumes reach shallower depths? Such dilution
would overwhelm the low concentrations of REE that are such a striking feature of komatiites, as well
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as lowering the MgO concentrations. How can komatiites rise through ∼ 400 km without cooling?
The next two sections attempt to address these issues.
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Figure 15: REE inversions of Sossi et al.’s (2016) global data set of komatiite compositions. A
temperature of 2300◦C was used to calculate the partition coefficients. The solid lines (b) and (e)
use D0(Bm)=0.7, whereas the dashed line in (b) uses D0(Bm)=2.0 and values of D from Table 5. All
calculated concentration ratios for REE use a value ofD0(CaPv) calculated using CaOmelt = 18%. See
caption to Fig. 4 for an explanation of the conventions used in (b), (c), (e), and (f). diag v2/fig:6 1
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Figure 16: (a)-(c) Sossi et al.’s (2016) komatiite compositions from the Barberton Greenstone Belt,
(a)-(c), calculated using value of 22% for CaOmelt to calculate D0(CaPv), D0(Bm)=0.7, and the melt
distribution in (a). (d)-(f) Commondale komatiite compositions from Hoffmann & Wilson (2017).
The two samples (COM01/18 and /19) were not used in calculating the average compositions because
the resulting standard deviations were then greater than the average values of La, Ce and Pr. The
melt model was generated by first removing 9% melt in the garnet peridotite stability field, then
adding 0.1% metasomatic melt generated by melting 0.4% of the MORB source, also in the garnet
peridotite stability field. This material was then melted in the CaPv stability field, using D0(CaPv)
calculated for CaOmelt = 11% and D0(Bm)=0.7, a temperature of 2300
◦C and values of D from
Table 5. See caption to Fig. 4 for an explanation of the conventions used in (b), (c), (e), and (f).
diag v2/fig:6 2
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Figure 17: A comparison of the REE compositions of olivine-hosted melt inclusions with that of the
host komatiite from Pyke Hill, Canada (Sobolev et al., 2016). diag v2/fig:6 3
Figure 18: Siberian meimechites (Sobolev et al., 2009). The melt fraction in (d) was obtained
from the observed REE concentration ratios in (a) by inversion (McKenzie & O’Nions, 1991). A
temperature of 2050◦C was used to calculate the partition coefficients. The difference between the
observed and calculated composition of Ni probably results from olivine fractionation. The calculated
concentrations of Al, Ca, Fe, Si and Mg are not reliable at depths of more than ∼ 150 km. See caption
to Fig. 4 for an explanation of the conventions used in (a)-(c). diag v2/fig:6 5
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Figure 19: Map of lithospheric thickness (Priestley & McKenzie, 2013) and location of the Maymecha
borehole in northern Siberia. diag v2/fig:6 6
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CONVECTION
Thermal convection governs the temperature structure within the Earth’s mantle, and hence also
melt generation. It is driven by thermally induced density variations, which are similar in magnitude
to those resulting from the lithostatic pressure. Many authors (see Arndt et al., 2008 Ch.12 & 13)
have argued that the high temperatures required for komatiite melting are present in hot rising
plumes. Steinbach & Yuan (1994; 1995; 1997) carried out a number of numerical experiments on
two-layer convection and showed that they generated the required temperatures at the base of the
upper mantle. However, they did not estimate either the production rate or the composition of the
resulting magma.
The Boussinesq approximation assumes that the effect of pressure on the density can be ignored.
This approximation is satisfactory for the equations governing conservation of mass and momentum,
but not for that governing energy conservation (e.g. Schubert et al., 2001, Ch. 6). In the mantle
the advection of momentum can be ignored, because the convective velocities are so small and the
viscosity so large. Conservation of mass then requires
∇ · v = 0 (15)
and momentum conservation gives
0 = η∇2v + ραgT ẑ −∇P1 (16)
where η is the dynamic viscosity, ẑ is a unit vector in the vertical, α the thermal expansion coefficient,
g the acceleration due to gravity, ρgz(= P0) the lithostatic pressure, and P1 the perturbation of the
pressure resulting from convection. The calculations below assume that α, η, g and the thermal
diffusivity κ are constant. The curl of equation (16) is
η∇2ω = −ρgα∇×(T ẑ) (17)
where the vorticity ω = ∇×v. The term on the right hand side of equation (17) drives convection
and depends only on the horizontal temperature gradient. Conservation of energy is governed by









where κ is the thermal diffusivity. The temperature variations that control thermal convection
occur over distances that are small compared with those over which the density varies. Under these
conditions it is convenient to write equation (18) in terms of the potential temperature Tp rather
than the actual temperature T by substituting






Tp is the temperature the material would have if it were moved to a region of constant pressure P0
(generally chosen, as it is here, to be P0 = 0) isentropically without melting. Changes in Tp, caused
for instance by conductive heat transfer, result in changes in entropy. The relationship between


















S1 − S2 = Cp loge (Tp(1)/Tp(2)) (22)
Equation (22) shows that changes in Tp require changes in entropy.
Substitution of equation (19) into (18) gives
∂Tp
∂t
+ v ·∇Tp = κ∇2Tp (23)
if the difference between the gradients of T and Tp are ignored. This equation can be rewritten in





where k is the thermal conductivity and D/Dt is the time derivative in a frame moving with the
fluid (the Lagrangian derivative). This equation shows that thermal convection involves the genera-
tion of entropy in regions where heat conduction is important. In many geophysical problems that
involve thermal convection, in the oceans and atmosphere, the Rayleigh number is large and thermal
conduction is important only in relatively thin boundary layers, where the difference between the
gradients of T and Tp is unimportant. Jarvis & M
cKenzie, (1980) showed that the same is true for
convection in the mantle at high Rayleigh numbers and with an infinite Prandtl number.
Equation (23) is the same as that obtained from the usual Boussinesq approximation, and shows
that compressibility can be taken into account by solving the equation for Tp, then converting Tp
to the real temperature. It is often convenient to convert Ts and Tl to potential temperatures Tps
and Tpl since the potential temperature of solid material during isentropic upwelling is constant until
melting starts.
The boundary conditions used in the calculations described below are that the convection is driven
by a constant heat flux f through the base of a layer of constant thickness a. Then substitution of










v′, ∇ = 1
a
∇′, ω = κ
a2
ω′ (25)
reduces equations (15), (17), and (23) to
∇′ · v′ = 0 (26)
∇′2ω′ = −R∇′×(ẑT ′) (27)
∂T ′
∂t′
+ v′ ·∇′T ′ = ∇′2T ′ (28)





These equations contain a nonlinear term, v′ ·∇T ′, which describes the advection of heat. When the
Rayleigh number is large this term dominates the temperature structure. Analytical methods, that
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assume that the term is small and that heat transport is dominated by conduction, are then useless.
Fortunately equations (26-28) show that the convective behaviour is controlled by a single constant,
the Rayleigh number R, and can therefore be understood by carrying out a number of experiments
with different values of R.
Early work on this problem used both numerical methods and laboratory experiments in tanks of
fluid. However, when the Rayleigh number is as large as it is in the mantle, 106−108, it is difficult to
carry out tank experiments with sufficiently large viscosity to suppress the advection of momentum.
Furthermore it is not possible to use such experiments to study melt generation. Numerical solution
of equations (26-28) avoids both these problems.
At high Rayleigh number the planform of convection consists of hot rising and cold sinking
plumes, joined by hot and cold sheets (Busse & Whitehead, 1971; Richter & Parsons, 1975; Lees et
al., 2020), and is known as spoke pattern convection. The highest temperatures occur within the
hot rising plumes, whose dimensionless radius is ∼ R−1/4 (see below), corresponding to a real radius
of ∼ 50 km at a typical mantle Rayleigh number of 106. The numerical scheme must have sufficient
mesh points to model such features accurately. Three dimensional numerical experiments in a cubic
region with dimensions 600× 600× 600 km therefore require ∼ 106 mesh points. Before sufficiently
powerful machines became readily available, two dimensional codes were developed that used either
cartesian or axisymmetric geometries to decrease the number of points required, without decreasing
the resolution. Such codes also used a variety of methods to increase their speed: runs that used
to take days on large machines now run in minutes on desktop machines using the same programs.
The code used to carry out the calculations in this paper was originally written by D.R. Moore
to study the influence of momentum advection on low Prandtl number (Pr = η/(ρκ)) cylindrical
convection (Jones et al., 1976). It was modified by R.C. Courtney (Courtney & White, 1986) to
calculate the surface deformation, heat flow and gravity anomalies generated by a plume when there
was no advection of momentum. S. Watson further modified the code to allow the production rate
and composition of melt generated by an axisymmetric plume to be calculated (Watson & McKenzie,
1991). Further modifications were carried out for this study, to allow the temperature on the lower
boundary to vary with radius. The numerical code solves the time-dependent equation (28), and can
therefore be used to follow the time-dependent, as well as the steady, convective behaviour.
A number of experiments were carried out at Rayleigh numbers ranging from 4×106 to 2.3×107,
with aspect ratio 1.5 and constant heat flux at the base of the layer. Though the asymptotic behaviour
at high Rayleigh numbers is more complicated (Umemura & Busse, 1989), over this limited range
of Rayleigh numbers the steady state vertical average of the dimensionless temperatures can be
described by a universal function if they are scaled by the appropriate power of the Rayleigh number








Fig. 20(a) shows plots of the values of the vertical average of T ?, T ?(r?). The curve shows the
function





The values of the constants were determined by fitting equation (31) to the temperatures in Fig.
20(a), giving
T0 = 1.45, T1 = 2.48, rT = 7.40 (32)
Equations (30) - (32) allow the radial temperature variation to be estimated without solving the full
equations.
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The thickness of the convecting layer, of 602 km (Table 1) was used to convert the dimensionless
values of r and z to real values, leading to a lithospheric thickness of 108 km. The appropriate
temperature scale was obtained by requiring the difference in potential temperature between the
convecting interior and the surface to be 1300◦C, resulting in a heat flux of 39.1 mW m−2. The
Rayleigh number of 1.775 × 107 then requires the viscosity to be 1.09 × 1020 Pa s. The potential
temperature of mantle plumes, calculated from equation (31), is then 250◦C above that of the interior,
or about 1550◦C, and is insufficient to cause melting at the base of the upper mantle at a depth of
∼ 700 km.
Plumes must also exist in the lower mantle, maintained by heat flow from the core. Whether such
plumes pass through the phase changes at depths of 600-700 km is not yet clear. However, there is
general agreement that the viscosity of the lower mantle, ηl, is greater than that of the upper mantle,
ηu by a factor of between 10 (Paulson et al., 2007a,b) and 100 (Marguardt & Miyagi, 2015; Hunt et












where the subscripts u and l refer to the parameters of the upper and lower mantle respectively.
Taking ηl = 100ηu gives Rl = 3.9Ru if the other parameters in equation (29) are the same in the
upper and lower mantle. Substitution of the relevant parameters into equation (31) gives a plume
potential temperature in the lower mantle, plotted in Fig. 20(b), of about 700◦C above the average
temperature. The calculated radius of the plumes in the lower mantle is greater than those in the
upper mantle, partly because the thickness of the lower mantle is greater and partly because of its
greater viscosity.
The contour plots of the melt fraction and production rate illustrated in Fig. 21 were obtained
by first running the convection code with a uniform basal heat flux and R = 1.775× 107 to a steady
state, then suddenly imposing the lower mantle plume temperature shown in Fig. 20(b) at the base
of the layer at time t = 0. If the temperature exceeded the solidus temperature at any depth, the
melt fraction was calculated by finding the depth at which melting would first occur for the relevant
potential temperature, then calculating the melt fraction generated by isentropic decompression.






+ v ·∇F (34)
However, the problem with using this equation is that the vector v in the plume is almost at right
angles to ∇F . This geometry arises because entropy is approximately conserved during the plume
upwelling at large Rayleigh numbers. Both vectors must be obtained by numerical differentiation,
of the stream function and of F respectively. The resolution of the calculations was not sufficient to
obtain accurate values of v ·∇F . Therefore an approximate value of the melt generation rate dM/dt
was obtained using a different approach. In the regions of interest ∂F/∂t is greater than 0. If this





















∇ · (vF )dV =
∫
S
Fv · dS (36)
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using Gauss’s theorem, where S is a closed surface. If S is taken to be a cylinder with a base at the
base of the convecting layer, sides in material that has not melted, and top a disk through the plume
stem, then the integral on the right of equation (36) is zero except where the top of the cylinder










where r1 is the radius of the cylinder. Since melting is assumed to be fractional, all melt is removed
from the region undergoing melting. Equation (37) then gives a lower bound on the melt production
within the cylinder. Fig. 21 shows that the melt production calculated from equation (37) is about
2×10−2 km3 a−1 in the region where CaPv is on the solidus and where the melt fraction is about 5%.
As expected from the behaviour of Tps(P ) in Fig. 11, little further melting occurs until the plume
reaches a depth of about 350 km. At shallower depths the melting rate increases by more than an
order of magnitude, to 0.3− 0.4 km3 a−1. This increase occurs because the gradient of Tps increases
as the hot material approaches the surface. It is this effect that generates the enormous volumes of
continental flood basalts, and also the thick layers of picritic basalt that generally overlie komatiites.
Fig. 21 shows that material in a rising mantle plume takes about 1 Ma to travel from depths of 600-
700 km, where melt is generated with CaPv on the solidus, to a depth of ∼ 350 km. Extensive melting
recommences in the garnet stability field, where CaPv is not stable. The convective calculations show
that ∼ 2×104 km3 will be generated in this period before the komatiite melts are overwhelmed by the
generation of picritic basalts. Such volumes are probably sufficient to account for the mapped extent
of komatiite flows, though no estimates of the volume of such flows appear to have been made. At
present the accuracy and precision of available radiometric dates is insufficient to determine the length
of time over which komatiites were erupted. But the general absence of sediments and weathered flow
tops between individual komatiite flows (Viljoen & Viljoen, 1969a) suggests that they were erupted
in quick succession.
Because the trace elements are more compatible in the CaPv lattice than they are in any other
mineral on the mantle solidus, and because there are no obvious variations in their compatibility
that can produce a signature like that of island arcs, deep melting leaves no obvious trace element
signature. Its presence will therefore be difficult to detect. Furthermore CaPv retains much of
the original trace element budget of the source in the residue after the extraction of a few % of
komatiite melt (Fig. 11). The residue will therefore not be strongly depleted in trace elements that
are incompatible in garnet peridotite. These arguments mean that the addition of komatiitic melt to
a melt generated at shallow depth from a garnet peridotite or spinel peridotite source will be hard
to detect. Ba has the smallest partition coefficient of the elements in Table 5, but, unlike the REE,
it is affected by weathering and is mobile in the continental crust.
The high excess potential temperature, of ∼ 700◦C, of plumes in the lower mantle depends on
the viscosity contrast between the upper and lower mantle. This high temperature can generate
komatiitic melts, either in the lower mantle or in the lower boundary layer of the upper mantle.
However, apart from the existence of komatiitic melts, there will be no obvious geochemical signal
of such melting.
Fig. 22 shows what happens if the mantle plume temperature is slightly lower than it is in Fig.
21 and if much of the melting that occurs at depths above 300 km is prevented by the presence
of thick lithosphere. Little or no melt generation then occurs in the region where CaPv is on the
solidus. Fig. 22(c) and (d) show that the melt fraction and melt generation rate are then controlled
by small differences in the plume temperature (Fig. 22(a)). This numerical experiment illustrates
how the geochemistry of meimechites can be used to constrain the behaviour of plumes as they rise
through the upper mantle.
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Figure 20: (a) Scaled vertically averaged temperature as a function of scaled radius (equation 30).
The curve shows T ?(r?) calculated from equations (31) and (32). (b) shows T (r) obtained from the
scaling discussed in the text. The profile for the lower mantle is applied to the base of the layer when
t ≥ 0 for the time-dependent calculations in Fig. 21. The radial distance is measured from the axis
of the plume. diag/fig:7 1
It is important to emphasise that the process of melt generation discussed in this section depends
on the conduction of heat into the base of the convecting layer. Therefore, unlike the melting paths





Figure 21 Evolution of the melt fraction and melting rate when the base temperature of the
convecting region is suddenly changed to that of the lower mantle in Fig 20(b) at time t = 0.
Regions labelled ‘komatiite’ contain melt generated with CaPv in the residue, whereas those labelled
‘basalt’ do not. The contour intervals for the melt fraction in the top four panels is 0.05 (5%), with
thicker contour lines marking melt fractions of 0.0 and 0.25 (25%). diag v2/fig:7 4
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Figure 22: Melt generation beneath lithosphere of thickness 160 km by a meimichite plume (green in
(a) and (b)) and an Archean plume (black in (a) and (b)). The horizontal variation of temperatures
in (a) are calculated from equation (31) using a lower mantle viscosity of 20× ηu for the meimichite
plume and 100 × ηu for the Archean plume. The melt generation rate as a function of depth (b)
shows that the meimechite plume generates ∼ 0.02 km3 a−1, or an order of magnitude less than the
Archean plume. The geometry of the melt generation in (b)-(d) shows that most of the meimichite
melt is generated at depths where garnet, not Ca perovskite, is stable. diag v2/fig:7 5
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MELT MOVEMENT
If komatiite melts are to reach the surface from depths of 600-700 km they must be able to pass
through this thickness of mantle with relatively little change in their composition and without solid-
ifying. Kelemen et al. (1995) proposed the dunite sheets in the mantle section of the Oman ophiolite
were produced by reaction of the MORB melts with the wall rock as they passed through. The same
process may explain how komatiite magmas can reach the surface, because the melting temperature
of forsterite-rich olivine exceeds ∼ 1800◦C at the surface, and must increase with depth.
Whether komatiitic melts will heat or cool during their passage from depths of 600-700 km
depends on a number of different factors. They will lose heat to the wall rock, and cool because
of the isentropic gradient in the melt, of about 30 − 40◦C/GPa. But they also gain heat from
viscous heating. The upward movement of melt releases gravitational energy, which is converted
into heat by viscous dissipation. Such heating is an adiabatic process, and is generally ignored. But
the separation of melt from its residue must always generate entropy (McKenzie, 1984, Ganguly,
2005). In one-phase flow such viscous heating depends on the dissipation number (Schubert et al.
2001, p 268), which in turn depends on the difference in density between the top and bottom of the
layer. The corresponding process in two-phase flow occurs when lower density melt moves upwards
through higher density residue and releases gravitational potential energy (McKenzie, 1984 equation
A37, Ganguly, 2005). This process does not conserve entropy. Where melt is being generated and
compaction is occurring, most of this entropy is generated in the solid material (see McKenzie 1984,
Fig. 1b). In contrast, above this region entropy and heat is generated by viscous dissipation within
the moving melt. Whether such dissipation increases the melt temperature alone, or that of both
the melt and the matrix, depends on the geometry and velocity of the melt, and can be determined
by solving the relevant equations. If melt moves rapidly upwards in large turbulent dykes, most
of the heat will remain in the melt. Under these conditions an approximate value of the resulting
temperature change ∆T can easily be estimated from the Clausius-Clapeyron relationship if the
difference between the density of the melt ρf and the solid ρs is ignored except where the expression





If the upward movement of the melt were to occur slowly from a depth d with no viscous dissipation,
it could rise to a height h above the surface. Isostasy then requires∫ h+d
0





















The temperature change ∆T can now be estimated from the gravitation energy released by allowing
1 kg of melt to fall from a height h to the surface







Substitution of Cp and ∆S from Table 1 and setting Ts(670 km) = 2100
◦C, Ts(0 km) = 1100
◦C, (Fig
8) gives ∆T ≈ 330◦C for the gain in temperature from viscous heating, and an eruption temperature
of about 1600◦C.
DISCUSSION
Previous experience with speculative enterprises similar to this one suggests that simple physical
arguments can provide a framework for understanding the processes involved. But it also suggests
considerable modifications will almost certainly be required
There is one obvious limitation to the information available from existing field work. Estimates
of the proportion of the fraction of the volcanic material in Archean greenstone belts that consists
of komatiitic magma vary between 50% and 0% (Arndt et al. 2008, Ch. 3). It would be helpful
to know how accurate and representative are such estimates, since the calculations above show that
plumes should generate about ten times more picritic basalt than komatiite.
Almost no laboratory experiments using multianvil presses have been carried out at pressures of
more than 23 GPa and temperatures above the solidus (Fig. 8), though such experimental conditions
are now accessible (Ishii et al. 2019). Though it is unlikely that (∂T/∂P )S > dTS/dP in the upper
part of the lower mantle, estimates of dTS/dP vary from 25
◦C/GPa (Herzberg et al. 2000) to
70◦C/GPa for the bridgmanite end member MgSiO3 (Shen & Lazor 1995). Furthermore there are at
present no constraints on TL − TS or on F (CaPv-out) at such pressures.
The values of CaOmelt used to model the REE concentrations in many komatiites are more than
three times that measured in the magmas themselves. Corgne & Wood (2005) used the partition
coefficients for the REE for CaPv and CaTiO3 to show that they occupy Ca
2+ vacancies. The
behaviour of most other trace elements is less clear, partly because of the considerable difference in
radii between Si4+ (40 pm) and Ti4+ (60.5 pm). Corresponding studies using Ge4+, whose radius is
53 pm, might be useful. The partitioning between melt and bridgmanite is more poorly understood
than is that of CaPv.
The structure and dynamics of the transition zone between the upper and lower mantle, between
depths of 650 and 900 km, is unclear. Fortunately this issue probably has only a marginal effect on
komatiite melt generation. If the trace element composition of such magmas is controlled by CaPv,
it is a stable mantle phase below a depth of 600 km. At the base of the upper mantle melt generation
is controlled by the temperature of lower mantle plumes. The calculations above suggest that the
melting behaviour is similar, irrespective of whether it results from such plumes carrying hot material
by advection through this transition zone, or whether the heat required to melt the base of the upper
mantle is transferred through its lower boundary by conduction, when entropy is not conserved.
The theory used above involves the straight-forward application of thermodynamics and fluid
dynamics to the problem of mantle melt generation. But, as Kojitani & Akaogi (1997) and Asimow
(pers. com.) have pointed out, it contains a hidden assumption, because it largely ignores variations
in chemical potential. However, there is not yet sufficient information about the thermal properties
of the minerals and melt concerned to extend Holland et al.’s (2013) approach to the boundary region
between the upper and lower mantle.
CONCLUSIONS
The generation of komatiites by small amounts of melting near the base of the upper mantle can
account for their unusual composition. The high pressure causes the MgO concentration to be high,
and the presence of CaPv retains most trace elements in the residue. Whether the mantle material
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melts as it rises depends on whether the gradient of the solidus is greater than the isentropic gradient
of the solid. This condition is satisfied below a depth of 670 km and above 300 km. Between depths
of 670 and 300 km melting will only occur if entropy is added to the solid by heat conduction. The
elemental composition of melt is controlled by the depth of melting, which also controls the modal
composition of the phases present in the source. The MgO content of magma varies from about 10%
for MORB melting, to 18% for present day plume melting, to 20-30% for komatiites. When melting
occurs at shallow depths the REE are incompatible in clinopyroxene. Their concentrations are then
up to ten times those in the MORB source and the normalised concentration ratio of La/Lu is ∼ 2.
At greater depths the REE concentrations are controlled by garnet and La/Lu becomes as large as
100 in meimechites. At still greater depths, of > 600 km, CaPv controls the REE concentrations
and La/Lu again becomes ∼ 2. These simple rules and the MgO concentration in the melt appear
to be sufficient to constrain the depth where mantle melts are produced, and show that komatiites
can be produced by a small amount of melting at the base of the upper mantle.
If the arguments above are correct, the generation of komatiitic melts requires plume temperatures
in the Archean to have been only a few 10s of degrees hotter than they are now. Even this statement
may not be correct: meimechites erupted in the Permian require plume temperatures that are almost
as hot as those that generate komatiites.
If komatiites are generated by melting at the base of the upper mantle, they must contain direct
information about the temperature and composition of this region, and about any plume transport
that may occur between the upper and lower mantle. The composition of komatiites is quite variable
(e.g. Arndt et al., 2008; Sossi et al., 2016), and modelling this variability is likely to provide impor-
tant constraints on processes that occur in this critical region. Any such modelling will depend on
a better understanding of the melt composition, phase relations and partition coefficients between
pressures of about 20 and 30 GPa, and temperatures of 1700 and 3000◦C, than is available at present.
The challenge is to use fluid dynamical models to combine this information with studies of the seismic
structure at the base of plumes. At present the information available from high pressure laboratory
experiments is not sufficient to exploit all the existing knowledge of the geochemistry of komatiites.
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